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[1] The Snowball Earth hypothesis explains the development of glaciation at low latitudes in the
Neoproterozoic, as well as the associated iron formations and cap carbonates, in terms of a runaway
ice-albedo feedback leading to a global glaciation followed by an extreme greenhouse climate. The
initiation of a snowball glaciation is linked to a variety of unusual perturbations of the carbon cycle
operating over different timescales, as evidenced by unusual patterns in the carbon isotopic
composition of marine carbonate. Thus a theory for why multiple glaciations happened at this time,
and not in the Phanerozoic nor earlier in the Proterozoic, requires a reexamination of the carbon
cycle and the controls on climate stability. We propose that the concentration of continental area in
the tropics was a critical boundary condition necessary for the onset of glaciation, both because the
existence of substantial continental area at high latitudes may prevent atmospheric carbon dioxide
from getting too low and because a tropical concentration of continental area may lead to more
efficient burial of organic carbon through increased tropical river discharge. Efficient organic carbon
burial sustained over tens of millions of years, required by the high carbon isotopic compositions of
preglacial carbonate, may lead to the buildup of enormous quantities of methane, presumably in
hydrate reservoirs. We examine how the slow release of this methane may explain the drop in §'°C
values immediately before the glaciation. Moreover, the accumulation of methane in the atmosphere
coupled with the response of silicate weathering to the additional greenhouse forcing can lead to a
climate with methane as the major greenhouse gas. This situation is unstable because methane is not
buffered by a large ocean reservoir like carbon dioxide, and so the collapse of the methane source
may provide a trigger for the onset of a runaway ice-albedo feedback. A simple model of the carbon
cycle is used to explore the boundary conditions that would allow this to occur.
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1. Introduction

[2] The end of the Proterozoic era (750—580 Ma)
hosted the most spectacular glaciations in Earth
history. Glacial deposits left by the retreating ice
are found today on every continent [Hambrey and
Harland, 1981]. Paleomagnetic and geological data
from several of these deposits suggest that they were
formed at tropical latitudes [Evans, 2000] and that
the glaciations lasted for millions to tens of millions
of years [Sohl et al., 1999; Hoffman et al., 1998]. In
most locations the glacial deposits are overlain by
“cap” carbonate sediments showing unusual tex-
tural, chemical, and isotopic patterns [Grotzinger
and Knoll, 1995]. The Snowball Earth hypothesis
[Kirschvink, 1992; Hoffman et al., 1998] provides a
single explanation for these multiple observations.
The hypothesis proposes that the glacial deposits
were formed by a global glaciation that occurred
when ice advanced past a critical latitude (~30°
North and South), creating a runaway ice-albedo
feedback first theorized by Eriksson [1968], Budyko
[1969], and Sellers, [1969]. Once frozen to the
equator, the high planetary albedo locked the Earth’s
climate into a stable, icy state. Deglaciation required
extreme levels of atmospheric CO, produced by
millions of years of volcanic emissions [Caldeira
and Kasting, 1992]. The cap carbonates were
formed during the ultragreenhouse climate in the
aftermath of the glaciation [Hoffinan et al., 1998].

[3] An unanswered question associated with the
Snowball Earth hypothesis is what caused the Earth
to plunge into this frost-thaw cycle in the first place.
What was it about this particular time in Earth
history that allowed such catastrophic environmental
oscillations to take place? Moreover, why have such
events not occurred in the Phanerozoic following the
radiation of large, multicellular animals? Hoffinan et
al. [1998], following Knoll et al. [1986], suggested
that the breakup of Rodinia, a late Proterozoic super-
continent, might have led to a global glaciation by
increasing the sedimentation rate, leading to
increased burial of organic matter. This suggestion
was motivated by high §'°C values of preglacial
carbonate rocks, hinting at a link between the glaci-
ations and some tectonically mediated perturbation
ofthe carbon cycle [Kaufman et al., 1997]. However,

the breakup of Rodinia is not the only supercontinent
breakup in the geologic record. Why did a global
glaciation occur with the breakup of Rodinia but not
with Pangea’s demise? The breakup of Rodinia may
have been a factor in setting the stage for the Snow-
ball Earth, but a more detailed discussion is clearly
required.

[4] One constraint on the cause of global glaciations
in the Neoproterozoic is the clear evidence for multi-
ple glaciations. At many locations, two discrete
glacial intervals with cap carbonates are present in
a single stratigraphic section [Hambrey and Har-
land, 1981]. Limited geochronological data and
correlation based on carbon isotopes have led some
to suggest that there were at least four events, two in
the earlier part of the Neoproterozoic (Sturtian),
approximately 730—680 Ma, and two later glacia-
tions (Vendian) between 650 and 585 Ma [Kaufman
etal.,1997]. Others have tried to correlate glaciations
in Australia and Africa, concluding that there were
only two events [Kennedy et al., 1998; Walter et al.,
2000]. New data from Death Valley provide evidence
for two glacial episodes [Prave, 1999] and possibly
two additional cap carbonates [4bolins et al., 1999;
Corsetti and Kaufman, 2000], giving some support
to the larger number. Regardless of whether there
were two, three, four, or even more individual
glaciations, all workers agree that there was more
than a single event. This is important in seeking an
explanation for why the glaciations happened in the
first place because it suggests that conditions that
allowed for the initiation of a Snowball Earth must
have persisted for much of the Neoproterozoic.

[s] In the Eriksson-Budyko-Sellers [Eriksson,
1968; Budyko, 1969; Sellers, 1969] theory for a
runaway ice-albedo feedback, if ice advances past
some critical latitude, the rate of increase in plane-
tary albedo is so large that it produces a runaway
positive feedback, and the ice line plunges to the
equator. Budyko and Sellers placed this critical
latitude at ~40° on the basis of calculations with
an energy balance model (EBM). More recent work
with EBMs and general circulation models (GCMs)
has shown that the location of the critical latitude
may be closer to 30° and depends on many factors,
including ocean, atmosphere, and glacier dynamics
[Poulsen et al., 2001; Chandler and Sohl, 2000;
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Hyde et al., 2000], solar luminosity, and the albedo
of the ice itself, all of which have varied over
geologic time. This emphasizes that a successful
theory for the initiation of a Snowball Earth in the
Neoproterozoic may involve two separate causes, a
background condition, perhaps in the climate system
or carbon cycle, that cools the climate near to the
runaway state, as well as a proximate trigger for the
onset of the runaway ice-albedo feedback. Regard-
less of exactly where one places the critical latitude,
the proximate trigger for what pushed the climate
system past the threshold to initiate the runaway ice-
albedo feedback may be difficult to identify as it
might be related to a wide variety of sources of
stochastic or periodic climate variability.

[¢] One factor that may have been important in
promoting a global glaciation in the past is the
change in solar luminosity over Earth history.
Models of stellar evolution suggest that the umi-
nosity of the Sun has increased by ~40% over
Earth history [Gough, 1981] and was ~7% less
luminous than today during the Neoproterozoic.
One might hypothesize that the reduction in solar
luminosity was enough to cause the Earth to plunge
into the catastrophic snowball cycle and that the
brightening Sun has protected the Earth since that
time, preventing a global glaciation in the last
~550 million years. Although this may be a con-
tributing factor, changes in solar luminosity cannot
be the sole cause of Neoproterozoic glaciations
because such a hypothesis would predict that global
glaciations were common prior to the Neoproter-
ozoic, when the Sun was even dimmer. Although
some evidence exists for low-latitude glaciation in
the Paleoproterozoic approximately 2.3—2.5 billion
years ago [Evans et al., 1997; Williams and
Schmidt, 1997; Kirschvink et al., 2000], there is
no evidence for any continental-scale glaciations in
the intervening 1.5 billion years. Thus a successful
theory for the initiation of a Snowball Earth in the
Neoproterozoic must explain not only why such
glaciations have not occurred in the Phanerozoic
but also why they did not happen beforehand
during most of the Proterozoic.

[7] In this paper we suggest a hypothesis to explain
the initiation of global glaciations in the Neopro-
terozoic. We propose that the Earth is susceptible to

a snowball glaciation when most of the continents
are located in the tropics, an unusual occurrence in
Earth history. Following the work of Marshall et al.
[1988], who explored the effects of continental
distribution on climate using a simple model, we
argue that this condition influences climate by
removing a critical negative feedback in the carbon
cycle that prevents CO, from reaching extremely
low levels and keeps the ice line from getting close
to the critical latitude for a runaway glaciation. We
also show how distributing the continents at low
latitudes may help explain the high §'*C values
observed in Neoproterozoic sediments in advance
of glaciations. Finally, we discuss one possible
mechanism to explain the drop in §'°C values
immediately prior to the onset of glaciation that
may offer a direct triggering mechanism for the
snowball glaciation itself. While admittedly spec-
ulative, these are testable suggestions that cast the
widely observed isotopic anomalies in a new light.

2. Effect of Continental Distribution
on the Global Carbon Cycle

[s] Over millions of years the amount of carbon in
the ocean-atmosphere system is controlled by the
fluxes of carbon between the ocean-atmosphere
and the rock reservoir. The source of carbon to
the ocean-atmosphere system is volcanic outgas-
sing, which releases mantle CO, as well as CO,
produced from metamorphism of carbonate sedi-
ments. Removal of CO, is accomplished through
the conversion of CO, to calcium carbonate by
chemical weathering of silicate rocks and through
burial of organic carbon. Although the flux of
carbon from volcanic sources is insignificant on
the timescale of human civilization, even a slight
imbalance between source and sink over millions
of years would strip all the carbon out of the ocean
and atmosphere, or lead to an extreme greenhouse
climate. Walker et al. [1981] proposed that the rate
of chemical weathering must respond to the level of
atmospheric CO,, providing a negative feedback on
the buildup of atmospheric CO,, keeping the sink
in balance with the volcanic source. These ideas
were formulated in a numerical model of the carbon
cycle by Berner et al. [1983] (a.k.a. BLAG), who
suggested that changes in volcanic outgassing over

3 of 21



"k Geochemistr 3
% Geophysics Y(M
__ ~ Geosystems (| Jr

SCHRAG ET AL.. INITIATION OF A SNOWBALL EARTH

10.1029/2001GC000219

the last 100 million years were the primary cause for
the transition between greenhouse climates of the
Cretaceous and ice ages of the Plio-Pleistocene. In
the last two decades much attention has been given
to understanding the nature of the silicate weathering
feedback, and several mechanisms have been pro-
posed that are tied to the radiative effects of CO, on
climate. One mechanism is the direct effect of
temperature on the kinetics of weathering reactions
[Berner, 1978]. Another mechanism is the increase
in precipitation rate in a greenhouse climate that may
intensify weathering rates as fresh water is flushed
more rapidly through soil and sedimentary rocks.
Some support for temperature and precipitation both
being important in regulating weathering rates
comes from a recent study showing a significant
correlation of bicarbonate ion in river water with
mean annual temperature and precipitation for 107
individual catchments [Ohte and Tokuchi, 1999].
Other studies have focused on factors independent
from CO, that may affect the rate of chemical
weathering such as glaciation [Anderson et al.,
1997] and the effect of uplift on rates of mechanical
erosion [Harrison, 2000] in providing fresh, silicate
mineral surfaces for chemical reaction. Other com-
plications include the evolution of land plants in the
Paleozoic, leading to soils which intensified the rate
of chemical weathering by making fluids more
reactive with organic acids [Retallack, 1997; Moul-
ton et al., 2000; but see also Keller and Wood, 1993].

[v] Many studies that discuss the behavior of the
carbon cycle over the Phanerozoic have focused on
how chemical weathering places an upper limit on
atmospheric CO,, preventing extreme greenhouse
climates. Very little attention has been given to what
places the lower limit on atmospheric CO,, although
this was an interest of Walker et al. [1981] in their
discussion of the faint young Sun. The general
formulation of the weathering feedback does include
a decrease in weathering as CO, decreases, provid-
ing a negative feedback. However, this is not an
effective way of regulating the carbon cycle when
CO, is very low. Small imbalances between sources
and sinks can have rapid and large impacts owing to
the relatively short residence time of carbon in the
ocean-atmosphere system when atmospheric CO, is
very low. Although the focus of the original BLAG

model [Berner et al., 1983] was on the transition
between greenhouse and icehouse climates over the
last 100 million years, there exists in the BLAG
model an additional negative feedback that prevents
atmospheric CO, from getting too low. In their
parameterization the rate of chemical weathering is
modified by a factor (fa) which describes the
fraction of continental area available for weathering
(Figure 1). This factor is linked to atmospheric CO,
through the effect of continental ice sheets in inhib-
iting chemical weathering. Suppose the level of
volcanic outgassing were to drop (as it likely has
over the last 100 million years), causing atmospheric
CO, to decrease. In response to lower radiative
forcing, the climate would cool, and ice sheets
would form over high-latitude continents. The
growth of large ice sheets would then prevent or
greatly reduce the rate of chemical weathering of
silicate rocks, essentially reducing the land area
available for weathering [Marshall et al., 1988;
Kump et al., 1999]. Reducing the chemical weath-
ering sink relative to the volcanic outgassing source
would prevent further lowering of atmospheric CO.
This “land area feedback” is much more powerful at
enforcing a lower limit on CO, than the weathering
feedback alone [Berner et al., 1983].

[10] There are several aspects of this description of
the carbon cycle that are, of course, gross over
simplifications. First, the relationship between gla-
ciation and weathering is not as straightforward as
portrayed above. Some have argued that glaciation
may actually increase rates of chemical weathering
by increasing mechanical erosion through moun-
tain glaciers or by scraping away soil cover, expos-
ing fresh bedrock to weathering processes [Gibbs
and Kump, 1994]. These effects are probably most
important for partially glaciated regions and for
regions with periodic glaciations such as North
America during the Pleistocene. Certainly, such
regions today have much more intense weathering
than hyperarid regions in the subtropics. However,
for large continental ice sheets such as those cover-
ing Antarctica and Greenland, it seems reasonable
that the rate of chemical weathering is greatly
reduced relative to what it would be if no ice sheets
were present and there were adequate water for
weathering reactions [Anderson et al., 1997].
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Figure 1.

A schematic representation of the fraction of land area available for silicate weathering as a function of the

partial pressure of atmospheric carbon dioxide for high- and low-latitude continental distributions. As carbon dioxide
drops, glaciation commences on high-latitude continents, reducing the rate of silicate weathering in those areas and
stabilizing the atmospheric CO,. If most of the continents were in the tropics, this effect would not commence until

CO, levels were substantially lower.

[11] The functional form of the land-area feedback
(Figure 1) in the BLAG model [Berner et al., 1983]
was set for a continental distribution with substan-
tial continental area at higher latitudes appropriate
for Cretaceous and Cenozoic simulations. In the
curve used in the BLAG model, the fraction of
continental area available for weathering decreases
as CO, drops to modern values; the exact shape of
the low-CO, end of the curve was not considered in
detail as it was relevant to Cretaceous and Cen-
ozoic climate. If there were less continental area at
high latitudes, the strength of the feedback would
diminish; with a drop in the source, presumably the
volcanic activity, a lower level of CO, would be
required to achieve a reduction in the weathering
sink to keep the carbon cycle in balance (Figure 1).
In the extreme, if all continents were located in the
tropics, no reduction in continental area available
for weathering would happen until ice reached the
tropics. Weathering might even be enhanced in
tropical regions as the climate cooled if mountain
glaciers provided fresh material to mature tropical
soils [Anderson et al., 1997].

[12] In this context, a Snowball Earth may require a
continental distribution with little continental area
at high latitudes [Marshall et al., 1988; Hay et al.,
1990; Worsley and Kidder, 1991]. If there were
substantial continental area at high latitudes, the
reduction in chemical weathering from the forma-
tion of ice sheets would stabilize CO,, arresting any
further advance of the ice long before it reached the
critical latitude for a runaway glaciation. A con-
centration of continental area in the tropics not only
would contribute to lower CO, by putting more
land area in tropical regions of high precipitation
but would also disable the negative feedback. It
remains possible that one could initiate a global
glaciation with some extraordinary mechanism
without involving the carbon cycle, for example,
an abrupt and extreme drop in the effective solar
flux. However, for reasons discussed above, such
explanations are more difficult to reconcile with the
geologic evidence for multiple low-latitude glacia-
tions in a ~170-million-year interval but none in
the previous 1500 million years or in the 580
million years since.
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[13] Is the postulated continental distribution com-
patible with paleomagnetic data? The period
between 730 and 585 Ma was a time of fragmented
continents. Breakup of the early Neoproterozoic
supercontinent Rodinia [Weil et al., 1998] began
with proto-Pacific opening between 780 and 755
Ma [Wingate and Giddings, 2000]. Continents
were dispersed until Gondwanaland coalesced
around 550 Ma [Meert and Van der Voo, 1997,
Alkmim et al., 2001]. Existing paleomagnetic data
are inadequate to justify any particular continental
reconstruction between 750 and 580 Ma, the period
encompassing the hypothesized snowball events.
Considering only those data for which the ages of
natural remnant magnetization are known, the pale-
olatitudes of only half the major continents then
in existence are constrained in this time period
(Figure 2) [after Evans, 2000]. Those paleoconti-
nents (Laurentia, Baltica, Siberia, South China, and
Australia) all lay in low latitudes so far as is known
[Kent and Smethurst, 1998]. Of the six glacial
deposits for which “moderately reliable” paleo-
magnetic data exist, half formed <30° and all <50°
from the equator [Evans, 2000]. Despite the lack of
reliable paleomagnetic data from South America
and Africa, the statistical low-latitude bias is so
striking that nondipolar components in the Earth’s
magnetic field are postulated to have existed [Kent
and Smethurst, 1998]. Laurentia migrated to the
South Pole between 590 and 575 Ma [Hyodo and
Dunlop, 1993; Symons and Chiasson, 1991], coin-
cident with the last global glaciation which began
soon after 596 Ma [Thompson et al., 1996]. Over-
all, there is more evidence for low-latitude con-
tinental distribution during the Neoproterozoic,
with no evidence for large continental area at high
latitudes, than for any other time in Earth history
[Kirschvink, 1992]. This is at least broadly consis-
tent with the hypothesis discussed above.

3. Carbon Isotopes and Organic Carbon
Burial in the Neoproterozoic

[14] An additional clue to the background condi-
tions that led to a Neoproterozoic Snowball Earth
comes from the unusual carbon isotopic composi-
tion of Neoproterozoic carbonates. In Neoprotero-
zoic sections, carbonate strata not adjacent to

glacial deposits are characteristically enriched in
3¢, with 6"°C values ranging from +4 to +8%o.
Although absolute geochronological data are
sparse, geological relationships suggest that the
high values persisted for tens of millions of years
[Kaufman et al., 1997]. These values are substan-
tially higher than those in the Phanerozoic, which
range from O to +3%o. An exception is an interval
in the Carboniferous and Permian, when §'°C
values reached +7%o. The Neoproterozoic values
are also higher than for earlier parts of the Proter-
ozoic back to ~2000 Ma [Brasier and Lindsay,
1998; Kah et al., 1999; Lindsay and Brasier, 2000].

[15] A traditional interpretation for these high §'°C
values is that they reflect a high fraction of carbon
buried as organic matter (depleted in '*C), leaving
the residual inorganic carbon pool (carbonate)
slightly enriched [Hayes et al., 1999]. A complica-
tion is the long-term storage of methane in sedi-
ments as clathrates as methane is greatly depleted
in '3C, but this will be discussed in more detail
below. The §'°C of Pleistocene carbonate is
between 0 and +2%o, implying that ~20% of
carbon burial to balance the volcanic source occurs
as organic carbon. Neoproterozoic §'°C values for
carbonate rocks indicate that organic carbon burial
was 30-50% of the total [Hayes et al., 1999].
Although these high values need not necessarily
be connected to the development of global glacia-
tion, it seems unlikely that multiple, extraordinary
events during the same interval of geologic time
have no connection. At the minimum, it is worth
examining possible explanations for the high car-
bon isotope values to see what unusual states of the
carbon cycle might have existed during the Neo-
proterozoic.

[16] Why is the fraction of carbon buried as organic
matter so high in the Neoproterozoic compared to
the large periods of time before and after? More-
over, what regulates the burial of organic matter
and keeps the fraction relative to carbonate burial
so constant over most of geologic time with the
exception of the Neoproterozoic (and Permo-Car-
boniferous)? The answers to these questions pro-
vide interesting insights into the long-term behavior
of the carbon cycle and are consistent with the
hypothesis that the initiation of global glaciations
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Figure 2.

(a) Distribution of Neoproterozoic glaciogenic deposits with estimated paleolatitudes based on

paleomagnetic data (modified from Evans [2000]). “Reliability” takes into account not only paleomagnetic reliability
but also the confidence that the deposits represent regionally significant, low-elevation ice sheets [Evans, 2000]. (b)
Histogram of the same glaciogenic deposits according to estimated paleolatitudes. Note the preponderance of low-
latitude deposits and the absence of high-latitude deposits. The discontinuous steps show the expected density

function of a uniform distribution over the sphere.

in the Neoproterozoic was encouraged by having
most continents in the tropics. We suggest that high
carbon isotope values are more likely to occur
whenever many continents are in the tropics and
that the continental distribution may help to explain
the anomalous values in both the Neoproterozoic
and Permo-Carboniferous.

[17] As stated above, the §'*C of marine carbonate
reflects the burial ratio of organic carbon to carbo-
nate carbon. Note that for these discussions carbo-
nate burial due to carbonate weathering is excluded

from our fluxes even though this source of alka-
linity may at times dominate the total carbonate
burial. Over millions of years, for which a steady
state assumption is reasonable, carbonate weath-
ering merely transfers carbonates from land to
ocean, resulting in no net accumulation of carbon
in the ocean-atmosphere system. As the carbonate
being weathered will have, in general, similar §'*C
values to the new carbonate being deposited, car-
bonate weathering has only a small effect on the
carbon isotope mass balance. This simplification
may not be appropriate at certain intervals of Earth
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history, such as the Neoproterozoic and Permian,
when the §'°C of marine carbonate was most
different from terrestrial limestone. In these situa-
tions, weathering of carbonate would serve to
buffer the seawater composition, damping the iso-
topic effects of increased carbon burial. However,
for our qualitative discussion the carbonate burial
flux we consider is only that required to balance the
alkalinity flux to seawater from silicate weathering.
It is possible that changes in the major element
chemistry of seawater, specifically, the calcium
concentration relative to other major cations, could
perturb this balance slightly, but such considera-
tions are beyond the discussion presented here.

[18] Over millions to tens of millions of years the
burial of organic carbon is controlled predominantly
by two factors: the flux of phosphate from the
continents to the ocean and the carbon to phospho-
rous ratio of the organic matter that is buried. Even
when nitrate or iron limitation severely hampers
productivity in many parts of the ocean, if there is
no significant inorganic removal of phosphate from
seawater, the phosphate levels of seawater will
increase, eventually achieving a new steady state
by increasing productivity in areas where iron or
nitrate are abundant. If organic burial were to drop
relative to riverine supply of phosphate, the total
phosphate content of seawater would increase, stim-
ulating productivity and driving higher organic
burial. If organic burial were to exceed the phos-
phate supply, the phosphate concentration of sea-
water would decrease, diminishing productivity and
reducing organic burial.

[19] The riverine flux of phosphate to seawater
depends on the release of new phosphate from
silicate rocks by weathering reactions and from
weathering of soils, organic matter, and other phos-
phate deposits on land. Terrestrial soils and other
phosphate-rich deposits such as black shales may
represent significant repositories of phosphate,
allowing the riverine fluxes to deviate over shorter
timescales from the flux from silicate weathering.
Phosphate release from sediments may even play a
dominant role on million-year timescales. However,
over even long timescales (i.e., tens to hundreds of
millions of years) the riverine flux of phosphate must
be controlled predominantly by the release of new

phosphate from silicate weathering. If silicate
weathering were to decrease, the riverine flux of
phosphate might remain high for some time owing to
sedimentary sources such as black shales (although
the release from these would also vary with silicate
weathering, driven by changes in climate). But the
steady depletion of the sedimentary sources would
eventually cause the riverine flux to drop. Additional
complications may come from chemical feedbacks
such as the effect of pH on phosphate mobility. Such
issues are worthy of additional investigation but are
beyond the present discussion.

[20] The essential point for this discussion is that
both organic carbon and carbonate carbon burial
(excluding the contribution from carbonate weath-
ering) over long timescales are directly tied to
the rate of silicate weathering, the former through
the release of phosphate and the latter through the
production of alkalinity (see a similar discussion by
Junge et al. [1975]). If the rate of silicate weathering
were to change, organic and carbonate carbon burial
would be affected by approximately equal amounts,
and so the ratio would not change. The §'°C of
carbonate rocks therefore reflects the globally aver-
aged phosphate to alkalinity ratio of the average
silicate rocks being weathered on continents. The
reason that §'°C values are relatively constant over
most of the Phanerozoic and Proterozoic is that
globally averaged composition of continental crust,
in essence the average phosphorous content of
granite, does not change by large amounts (i.e.,
factors of 2 or more) when integrated over the globe
and over millions of years.

[21] Now, let us return to the question of the high
§'3C values in the Neoproterozoic. If the ratio of
phosphate to alkalinity fluxes from silicate weath-
ering cannot vary by large amounts over long
timescales, then the only way to sustain high (i.e.,
40-50%) fractional organic carbon burial for tens
of millions of years is to increase the carbon to
phosphorous ratio in buried organic matter. Several
workers have suggested that the carbon to phos-
phorous ratio of organic matter in sediments is
strongly affected by anoxia [Van Cappellen and
Ingall, 1996; Ingall and Jahnke, 1997]. During
early diagenesis in oxic sediments, phosphorous
is bound up in iron phosphate minerals, and so a
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relatively small fraction of phosphate is recycled
into the water column. In anoxic sediments, phos-
phate recycling is more efficient, resulting in a
substantial increase in the carbon to phosphorous
ratio in the sediments. Thus one explanation for the
high §'°C values in the Neoproterozoic is more
efficient phosphate recycling, perhaps driven by
more extensive local anoxia.

[22] However, more extensive local anoxia by itself
will not achieve higher rates of organic carbon
burial. The burial of organic matter in the modern
ocean is highly localized, occurring primarily in the
deltas of large river systems in the tropics, includ-
ing the Amazon and Southeast Asia (Taiwan, New
Guinea, etc.) [Berner, 1982]. Although these
regions account for a relatively small fraction of
the dissolved fluxes of cations to seawater, the high
discharge and suspended load, much of it organic,
explains why they account for ~70% of the global
organic carbon burial [Hedges and Keil, 1995;
Berner, 1982]. However, for reasons discussed
above, on long timescales the rate of organic
carbon burial must be limited by the supply of
phosphate to seawater. If one wants to increase the
rate of organic carbon by increasing phosphate
recycling through anoxia, it is most effective to
focus on these areas with the highest carbon burial
because that is where the more efficient phosphate
recycling must occur. A complication is that in the
Neoproterozoic, before the evolution of land plants,
the suspended load of tropical rivers was unlikely
to contain as much particulate organic matter.
However, even without an extensive terrestrial
biosphere, it seems likely that such locations, with
high sedimentation rates and nutrient inputs, were
dominant sites of organic carbon burial as much of
the organic matter that is buried today in these
deltaic environments comes from marine sources
[Aller et al., 1996]. A contributing factor may be
the adsorption of organic matter onto clay minerals,
which may enhance organic carbon burial in trop-
ical river deltas [Keil et al., 1994; Mayer, 1999].

[23] An intriguing possibility is that the distribution
of continents may itself influence the extent of local
anoxia at sites where organic carbon burial is
highest. In the modern ocean most primary pro-
ductivity occurs in regions of strong upwelling,

including the eastern tropical Pacific and the South-
ern Ocean. In both these regions, far from con-
tinental sources of dust, iron is a limiting nutrient to
primary productivity. Although there is some iron
dissolved in oceanic intermediate waters, which
can sustain some productivity, the lack of iron from
aeolian sources keeps the level of primary produc-
tion below the supply of phosphate and nitrate.
Consider where primary productivity would occur
if all the continents were located in the tropics.
Given a total continental area similar to today,
~70% of the tropics would be filled with conti-
nents (in contrast to ~20% today), with two large
ocean basins in the Northern and Southern Hemi-
spheres. Upwelling in polar regions might bring
phosphate and nitrate to the surface, but iron would
be limiting in the large polar oceans as the weak
meridional circulation of the atmosphere is ineffec-
tive at carrying continental dust to high latitudes,
equivalent to the Southern Ocean today if Aus-
tralia, Africa, and Patagonia were absent. Even if
upwelling waters at the poles were rich enough in
all nutrients, including iron, to sustain high pro-
ductivity, it would be difficult to sustain deep
anoxia in such large ocean basins, so organic burial
rates would be low (like the eastern tropical Pacific
today). Primary productivity would be focused in
tropical regions, where abundant iron and other
nutrients were present. The high fraction of con-
tinental area in the tropics would augment the
overlap of zones of high productivity with regions
of high riverine phosphorous and sediment input.
However, the most important effect might be the
increase in continental runoff itself, leading to
larger tropical river systems. Tropical convection
will always result in a large excess of precipitation
over evaporation compared to the subtropics, where
subsidence causes evaporation to dominate over
precipitation. If most of the continental area were
located in the tropics, the continental runoff could
increase by a factor of 3 or 4, independent of any
changes in the overall strength of the hydrologic
cycle. With many large tropical river systems like
the modern Amazon, a paleogeography with most
continents in the tropics would be ideal for enhanc-
ing organic carbon burial combined with at least
local anoxia if not broader anoxia across small,
partially restricted tropical basins.
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[24] The hypothesis that the high 6'>C values in the
Neoproterozoic are the result of the unusual con-
tinental configuration of having most continents in
the tropics is consistent with the observation that
such high values are very unusual in the geologic
record. The only times in the Phanerozoic when
§'3C values even approached the high values of the
Neoproterozoic were the Carboniferous and Per-
mian. The rise of large land plants as a new source
of organic matter for burial was an important factor
in leading to these high values at that time [Berner,
1998]. However, sediment fluxes into a partially
restricted Tethys ocean in the tropics may have
been an additional factor in promoting high organic
carbon burial in tropical river deltas.

[2s] The arguments presented here suggest that the
high §'°C values in preglacial Neoproterozoic car-
bonates are consistent with a concentration of
continents in the tropics, supporting the discussion
above on the land-area feedback. In addition, the
high fractional organic carbon burial may also be
important in setting the stage for a global glaciation
by lowering atmospheric carbon dioxide. In the
GEOCARB formulation the amount of atmospheric
carbon dioxide over long timescales is driven by
the rate of volcanic outgassing relative to the
silicate weathering feedback. If the fraction of
organic carbon burial goes up, the burial of carbon
will momentarily exceed the volcanic source,
reducing atmospheric CO, until a new steady state
is achieved with lower atmospheric CO, and lower
silicate weathering. In mathematical terms, con-
sider, for simplicity, a formulation of the weath-
ering feedback that is a linear function of
atmospheric CO,. In this case the conservation
equation is

dM, Co,

di = Fyole—Fiil _Forg =ILvolc _ksilMCOZ —Yorg (k.yi/Mcoz )7

where Fyq, Fgi, and F,, are the rates of carbon
dioxide release from volcanic outgassing, carbon
dioxide uptake from silicate weathering, and organic
carbon burial, respectively, k; is the slope of the
weathering-CO, feedback, and g, is the rate of
organic burial as a fraction of the carbonate burial
(i.e., org = Xorg/(1 — Xors) Which is controlled by the

biogeochemical cycling of phosphate discussed
above. At steady state this becomes

F volc

Mco, = —F——.
€02 kit (qorg + 1)

For most of the Phanerozoic, g, is ~0.25, but
for the Neoproterozoic, when the fraction of
organic carbon burial approaches the carbonate
burial, g, is between 0.7 and 1, reducing the
amount of carbon in the ocean-atmosphere system,
and hence atmospheric CO,, by a factor of 2.
Thus it seems possible that the high fraction of
organic carbon burial, which came about as a
consequence of the unusual continental configura-
tion in the Neoproterozoic, was itself responsible
for cooling the Neoproterozoic climate to the
point approaching the threshold for the initiation
of a snowball Earth. This effect is in addition to
the having higher precipitation over continents
with tropical distribution, which in the parameter-
ization used here would serve to increase kg; and
lower atmospheric CO,. This could be extremely
significant if continental runoff could increase by
a factor of 3 or more.

4. Could Methane Be the Trigger
for a Snowball Earth?

[26] The discussion of the initiation of a snowball
Earth would not be complete without an explan-
ation for the large carbon isotope excursions asso-
ciated with the glacial deposits. The cap carbonates
overlying the glacial deposits are depleted in '*C
by ~5%o, which, in contrast to the enriched pre-
glacial sediments, produce some of the most
extreme carbon isotope variations observed in the
entire geologic record [Hoffinan et al., 1998]. In the
Snowball Earth hypothesis the low §'°C values of
the cap carbonates are caused by the rapid delivery
of alkalinity to seawater in the ultragreenhouse
aftermath of the glaciation. Millions to tens of
millions of years of volcanism without substantial
carbon burial either as organic matter or carbonate
results in a calcium carbonate layer with a mean
value similar to the volcanic source (approximately
—5%o), although initially somewhat higher owing
to the isotope fractionation associated with hydra-
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tion of CO, [Hoffiman et al., 1998]. These low
values in the cap carbonates are often grouped
together with the high values before the glaciation
as part of a carbon isotope “excursion” despite the
fact that the high and low values are separated by a
hiatus (i.e., the glaciation) lasting millions of years.
Thus what is commonly referred to as an excursion
is more accurately characterized as large differ-
ences in the carbon cycle before and after the
long-lived glaciations.

[27] In Namibia, where the preglacial isotope
record is recorded in a thick, carbonate platform
sequence, the §'°C values begin to drop several
tens of meters below the glacial deposit, reaching
values as low as —5%o before the glacial horizon
[Hoffman et al., 1998; Halverson et al., 2002].
There is no absolute geochronological control on
the duration of this drop in §"°C, but tectonic
subsidence modeling suggests a timescale on the
order of 0.5—1.0 million years [Halverson et al.,
2002]. Whether this drop is a general feature of
carbon isotope records globally is complicated by
the possibility that glacial erosion may have
eliminated much of the preglacial sediment from
many sections around the world. However, such a
drop has been observed in Neoproterozoic sections
from other locations [e.g., Kaufman et al., 1997;
McKirdy et al., 2001], including those in Australia
and Canada. Kennedy et al. [1998] suggested that
the preglacial excursion in Namibia is an artifact of
some unusual alteration process. However, the
reproducibility of the drop over hundreds kilo-
meters at locations with different sedimentation
rates and in different sedimentary facies makes a
diagenetic explanation seem unlikely [Halverson
et al., 2002]. If the pattern is primary, and reflects a
general relationship between carbon isotopes and
the onset of glaciation, then such a spectacular drop
in §'°C values just before the initiation of tropical
glaciation demands some explanation.

[26] One interpretation of a drop in §'*C values
over ~1 million years is that biological productiv-
ity slowed to very low levels, leaving carbonate
burial as the major sink for volcanic CO,. Hoffinan
et al. [1998] raised this possibility, suggesting that
biological productivity slowed as ocean temper-
atures cooled prior to the runaway ice-albedo feed-

back drove sea ice to the equator. However, there
are a number of problems with this proposal. First,
as long as substantial area of oceans were ice free
before the critical threshold for the runaway ice-
albedo feedback, biological productivity should
have been active enough to maintain substantial
organic carbon burial rates. There is no reason to
suspect that the tropical biota should have antici-
pated the onset of global glaciation and declined
~0.5 million years in advance of the deep freeze.
Even if the drop in §'°C does represent a drop in
productivity (and hence organic carbon burial), one
would expect such a drop in organic carbon burial
to drive an increase in atmospheric CO,. This is
difficult to reconcile with the initiation of global
glaciation. Knoll et al. [1986] suggested that the
isotope excursions represented a rapid mixing
event in a stagnant ocean, with CO,-rich, anoxic
deep waters mixing into the surface ocean. Because
of wind and tidal forces, it is difficult to envision
any scenario where stagnant deep ocean could be
maintained for millions of years without mixing.
However, even if the deep ocean were stagnant for
long periods of time and if a mixing event were
responsible for the preglacial drop in §'*C values,
the penetration of CO,-rich waters into the mixed
layer would cause atmospheric CO, levels to
increase, inconsistent with the onset of tropical
glaciation.

[29] An intriguing possibility is that the preglacial
drop in §'3C is driven by the release of methane to
the carbon cycle. Because methane formed in deep
sea sediments has very low §'°C values (approx-
imately —70%o), a relatively small amount of
methane can have a very large effect on the average
§'3C value of dissolved inorganic carbon in sea-
water. A rapid destabilization of methane hydrates
on the seafloor has been proposed to explain the
carbon isotope excursion at the Paleocene-Eocene
boundary [Dickens et al., 1995]. For the Neopro-
terozoic this hypothesis is attractive as one might
expect substantial amounts of methane hydrate to
have formed following tens of millions of years
with a high fraction of organic carbon burial and
significant regions of anoxia. Indeed, a contributing
factor that may help to explain the high carbon
isotope ratios in the carbonate rocks underlying the
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glacial deposits in addition to higher fractional
organic carbon burial may be unusually high rates
of methane hydrate formation in sediments. In the
Paleocene, deep ocean temperatures had subsided
from high values in the mid-Cretaceous but were
still in excess of ~8°C [Miller et al., 1987],
substantially limiting the zone of hydrate stability
in deep sea sediments. However, in the Neoproter-
ozoic, if most continents were in the tropics, and if
large tropical river systems drove high rates of
organic carbon burial in partially anoxic sediments
over tens of millions of years, it would be the ideal
factory for building up enormous reservoirs of
methane hydrate, many times larger than what
existed at the terminal Paleocene, particularly if
ocean temperatures were relatively cool for much
of this time.

[30] A problem with the idea that the drop in 6'°C
values before the glaciation is caused by methane is
that methane is a greenhouse gas, ~25 times more
potent per mole than CO,, so one might expect that
the release of methane from a large hydrate reser-
voir would drive a rapid warming due to enhanced
radiative forcing. Indeed, such a scenario is envi-
sioned for the Paleocene-Eocene boundary, for
which there is good evidence in the oxygen isotope
record for abrupt warming [Norris and R6hl, 1999].

[31] The residence time of methane in the modern
atmosphere is <10 years and presumably similar in
the latest Paleocene. Therefore methane added to
the atmosphere would be oxidized rapidly to CO,,
equivalent to an increase in the rate of volcanic
outgassing. The release of methane would drive an
abrupt warming via the CO,, but the large radiative
forcing per molecule from methane may not be
important beyond the first several decades follow-
ing the abrupt release. In the Neoproterozoic, there
are several important differences from the Paleo-
cene. First, the timescale for the carbon isotope
excursion is likely to have been at least two orders
of magnitude longer. Thus, if the Neoproterozoic
excursion were caused by release of methane, that
release must have been slow and steady. In addi-
tion, the residence time of methane in the atmos-
phere may have been substantially longer in the
Neoproterozoic than in the Phanerozoic, both
because the concentration may have been higher

and because the size of the sink may have been
smaller. The destruction of methane in the strato-
sphere is limited by the availability of the hydroxyl
radical, which in turn is produced via (O’D) from
ozone photolysis. A variety of workers have pro-
posed that oxygen levels were lower in the Neo-
proterozoic [Derry et al., 1992; Canfield and Teske,
1996], prior to the radiation of large multicellular
animals. Exactly how the residence time of meth-
ane would scale with the amount of atmospheric
oxygen and with increases in the flux of methane to
the atmosphere is a complex question. Walker
[1979] used a simple chemical model to explore
the effect of lower oxygen on ozone concentrations
(which would scale with OH radical). He found
that maximum ozone actually increased with a
slight drop in atmospheric O, (0.5 present atmos-
pheric level (PAL)) because of enhanced penetra-
tion of UV radiation. Kasting et al. [1985] explored
the effects of much lower levels of oxygen with a
more complete chemical model, finding that the
methane residence time was slightly higher at 0.1
PAL but lower at 0.01 PAL and below. Another
possibility is that the residence time of methane
might increase substantially with a rise in methane
flux if the tropospheric and stratospheric sinks
became saturated. This possibility needs to be
explored in future calculations. However, if oxygen
were lower in the Neoproterozoic, and, more
important, if a flux of methane to the atmosphere
were sustained at much higher levels, a residence
time for methane 100 times the present is not
inconceivable.

[32] What if the methane release to the atmosphere
were slow and steady, in contrast to the rapid
release proposed for the Paleocene-Eocene boun-
dary, and the steady state concentration of methane
were much higher than today? In this case the
carbon cycle would have adequate time to adjust
to the increased radiative forcing, leading to a very
different outcome. Just as silicate weathering acts
as a negative feedback for increases in atmospheric
CO,, an increase in radiative forcing from increased
methane concentrations would stimulate more rapid
silicate weathering with higher temperatures and
more rapid precipitation. The enhanced silicate
weathering would not affect the methane directly
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carbon cycle with methane release and oxidation. The

detailed description of the model is contained in Appendix A.

but would decrease the carbon dioxide concentra-
tions until a new steady state was achieved. In
essence, the climatic response to increased methane
would be greatly dampened by the silicate weath-
ering feedback on CO,, reaching a steady state with
similar net radiative forcing, slightly higher meth-
ane, and much lower CO,.

[33] We have explored this using a simplified
version of the GEOCARB model [Berner, 1991,
1994; Berner and Kothavala, 2001] (Figure 3).
Detailed derivation of the present model is given
in Appendix A. Mass balance model expressions
for methane and for CO, are

dM Jdt = Fp — knM,

dC/dt = {Fc — Fyi(0)exp{0.09['pcIn((C + X\M)
/(Co +XMo))|} + Fun} /(14+-P)’

where M is mass of methane in the atmosphere, C
is the mass of CO, in the atmosphere, £, is input
of methane to the atmosphere from anoxic basin
sediments, £ is the input of CO, to the atmosphere
from volcanoes, metamorphism, and diagenesis, 4,
is the decay constant for methane oxidation to CO,
in the atmosphere due to reaction with OH radical,
Fi 1s the uptake of CO, via the weathering of Ca
and Mg silicates with the resulting HCO3 pre-
cipitated in the oceans as Ca and Mg carbonates,
[y is the temperature sensitivity to changes in
greenhouse gas concentration (assumed here to be
4°C for a doubling of both gases), X is the radiative
forcing, per molecule, for atmospheric methane
relative to CO, (=2 25), t is time, and subscripts (0)
represent the present values. The parameter P is
defined as

P = [2Mc,K / (4ME,Cy, + KC)].
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Linear Methane Decay Model
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Figure 4. Model results for an initial carbon dioxide concentration of 300 ppm for the linear methane decay model.
The addition of a flux of methane to the atmosphere produces a steady state concentration of 36 ppm methane, while
CO, drops to 100 ppm in ~500,000 years owing to enhanced silicate weathering.

It represents the assumption of exchange equili-
brium between the mass of atmospheric CO, (C)
and the mass of dissolved HCO; (C,,) and Ca'™"
(Mc,) in the oceans. The parameter K (see
Appendix A) represents the equilibrium ““constant”
in terms of global masses for the reaction

CaCO; + CO; + H,0 < 2HCO; + Ca™*.

Use of P allows for the degassing of CO, to/from
the atmosphere from/to the oceans accompanying
externally forced changes in atmospheric CO,
levels. Treatment of atmosphere-ocean carbon
exchange according to the dynamic model of
Berner et al. [1983] gives similar results to this
much simpler equilibrium approach.

[34] In the modeling it was assumed that methane
is produced in bottom sediments, stored as meth-
ane hydrate, and then transferred to the atmosphere
through an anoxic, low-sulfate ocean where little
methane is consumed. The methane is oxidized to
CO, in the atmosphere, and the resulting CO, is

transferred partly to the oceans upon equilibration
with seawater. It is also reasonable that methane
should also reach a steady state concentration in
the atmosphere rapidly. Thus it is assumed that
dM/dt = 0 and F,, = kM.

[35] The rather lengthy derivation for the mass
balance equations for §'*C in the ocean is presented
in Appendix A and includes estimated values for
the flux and isotopic composition of volcanically
derived CO,, the flux and isotopic composition of
carbon from the weathering of carbonates and
organic matter on land, the flux and isotopic
composition of methane from methanogenesis, the
isotopic fractionation between seawater and both
atmospheric CO, (—7%o) and buried organic matter
(—25%o0), and the flux of carbon from the atmos-
phere to form Ca-Mg carbonates due to Ca-Mg
silicate weathering.

[36] The results of a sample calculation are shown
in Figure 4. For this parameterization the model
requires a sustained level of CH4 of 36 ppm to
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Non-linear Methane Decay Model
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Figure 5. Model results for an initial carbon dioxide concentration of 300 ppm for the nonlinear methane decay
model. The addition of a flux of methane to the atmosphere produces a steady state concentration of 240 ppm
methane, while CO, drops to 100 ppm in ~100,000 years owing to enhanced silicate weathering.

bring about the drops both in atmospheric CO, and
in §'°C for the oceans. Values of methane flux (Fi,)
and methane decay constant (k,,) were varied to see
how different values for atmospheric methane con-
centration and input flux would affect results. It
was found that only limited ranges of values for F;,
and k, were possible to enable a drop in CO,
without excessive or deficient drop in §'°C of the
oceans. Initial values of CO, (300 ppm) and §'*C
(5%0) were assumed in all calculations with the
§'3C value based on measurements of carbonates
immediately underlying the glacial deposits. Use
of a high k, value appropriate for the modern
atmosphere (k,, = 100,000 myr ' equivalent to
mean residence times of ~10 years) or even one
tenth of this (equivalent to mean residence time
of 100 years) resulted in too low atmospheric
methane concentrations (and thus too small a
greenhouse effect) and a rise in CO, from methane
oxidation. Use of too high an £, value resulted in
an unreasonably large integrated source for the
methane. The best fit values used in constructing

Figure 4 are ky, = 500 myr ' (2300 year mean

residence time) and Fy, = 3 x 10" mol myr™".

[37] Other, more complex nonlinear formulations
for methane oxidation are possible which may
allow for the concentration of methane in the
atmosphere (and the residence time) to rise more
rapidly with a rise in the flux as the oxidative sink
becomes saturated. Indeed, this might be expected
if tropospheric sinks for methane, such as the OH
radical, become saturated. To illustrate this point,
an alternate, but arbitrary, sublinear half-power
formulation for atmospheric methane oxidation
can be employed:

dM /dt = Fy, — Kk, M".

Using the values k', = 50 x 10° mol®® myr~' and
Fp =10 x 10" mol myr ', we obtain the results
shown in Figure 5. Note that the drop in CO, is
quicker and the standing concentration of CHy is
much higher (240 ppm) than when using the linear
decay model. The assumed value for &,,, of 50 x
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10° mol myr ' is equivalent to an atmospheric
methane half-life of 2300 years, as compared to the
half-life for the linear model of 1400 years.

[38] Is the amount of methane released from meth-
ane hydrate reservoirs reasonable in terms of the
storage capacity in the world oceans? The amount
released from hydrate reservoirs over the time
period of the linear model calculation (1 million
years) is ~35,000 GtC, or 15 times what was
proposed for the Paleocene-Eocene boundary
[Dickens et al., 1995]. For the sublinear model
the amount released in 100,000 years is only
12,000 GtC. With sustained, highly efficient or-
ganic carbon burial for tens of millions of years
preceding the glaciations, such quantities may not
be unreasonable, as the release is not abrupt. In
general, if the duration of the excursion is shorter, a
smaller methane hydrate reservoir is required. Bet-
ter constraints on the timing of the negative isotope
excursion would help refine this hypothesis.

[39] If the carbon cycle existed in this delicate state
of balance with both CO, and methane sharing the
greenhouse gas forcing, the Earth would be vulner-
able to a catastrophic destabilization of climate.
Even with a lower level of atmospheric oxygen,
the residence time of methane in the atmosphere-
ocean is several orders of magnitude shorter than for
CO, because carbon dioxide in the atmosphere is
buffered by the large ocean reservoir of dissolved
inorganic carbon. If the methane flux to the atmos-
phere ceased for a period on the order of the
residence time of methane, oxidation would remove
most of the methane from the atmosphere. The CO,,
buffered by air-sea gas exchange, cannot adjust
quickly enough to replace the greenhouse forcing
from the methane, and so the Earth would experi-
ence a climatic crisis, plunging the already cold
planet past the threshold for the initiation of a
snowball Earth. This scenario is similar to that
proposed by Paviov et al. [2000], who suggest that
the oxidation of ~100 ppm methane in the Paleo-
proterozoic atmosphere due to the rise of atmos-
pheric oxygen could initiate a snowball glaciation at
that time. The critical features of the hypothesis
described here are that much lower methane levels
are required to develop the climate instability (i.e.,
~36 ppm) and that the effect is produced by slow

release of methane to the Proterozoic atmosphere,
not an irreversible shift in atmospheric composition,
allowing this phenomenon to happen several times
in succession. This latter point makes our hypothesis
consistent with the observation of at least two and
possibly more glaciations in the Neoproterozoic.

[40] The idea presented here depends critically on
achieving sufficient levels of methane in the atmos-
phere prior to the glaciations to carry a substantial
portion of the total greenhouse forcing. Whether
this requires lower oxygen concentrations remains
unknown, depending critically on the kinetics of
photochemical reactions in the stratosphere and the
response of atmospheric methane concentrations to
a rise in methane flux. One possibility is that an
enhanced and sustained flux of methane could
contribute to the lowering of atmospheric oxygen
itself, leading to its slow accumulation in the
atmosphere and the reduction of CO, through
silicate weathering as described above [Halverson
et al., 2002]. In this scenario the drop in §"C
would commence as methane was released from
hydrates but would have a minimal effect on
climate forcing until oxygen levels were low
enough to allow atmospheric methane levels to
rise. The problem with this idea is that it depends
on methane reducing atmospheric oxygen by over-
whelming any other buffering capacity in the
system. If other biogeochemical cycles involved
in the regulation of atmospheric oxygen had a
faster response time to a reduction in oxygen, an
increase in flux of methane to the atmosphere
would have no effect on atmospheric oxygen.
However, as there is no widely accepted theory
for what buffers oxygen levels either today or in the
Proterozoic, this idea warrants further attention.

[41] What would drive the release of methane from a
large hydrate reservoir, and what would cause that
release to end, triggering the climatic crisis? As the
drop in §'3C, and hence the release of methane, is not
abrupt but occurs over at least 100,000 years, a
tectonic mechanism, such as the slow uplift of a
hydrate reservoir to shallower depth, is a possibility.
Such a mechanism could be enhanced by the ocean
warming driven by the accumulation of methane in
the atmosphere. The cessation of the methane flux
might be simply due to the exhaustion of the existing
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methane hydrate reservoir, as the amount of methane
released over hundreds of thousands of years is
substantial. Once the slow methane release began
from such a large hydrate reservoir, it was only a
matter of time until the supply of methane was
exhausted and a greenhouse crisis ensued.

[42] The strength of the methane hypothesis
described here is that it connects the ~10%o drop
in §'°C of marine carbonate with the onset of a
global glaciation. It is counterintuitive in that the
release of methane, a powerful greenhouse gas,
leads to a global cooling, not a warming. All other
hypotheses for lowering the §'*C of marine carbo-
nate so precipitously imply an increase in atmos-
pheric CO, and a warmer climate [Halverson et al.,
2002]. The idea is admittedly speculative and may
be difficult to test as direct evidence for slow,
sustained methane release may be difficult to find.
However, additional modeling efforts with more
complete atmospheric chemical kinetics will help
determine whether this mechanism can be sus-
tained. One would also expect to see similarly large
negative carbon isotope excursions beneath other
Neoproterozoic glacial deposits, although glacial
erosion may make this difficult to find.

5. Conclusion

[43] The initiation of a snowball glaciation is linked
to a variety of unusual perturbations of the carbon
cycle operating over different timescales. The con-
centration of continental area in the tropics was a
critical boundary condition necessary for the onset
of glaciation, both because the existence of substan-
tial continental area at high latitudes may prevent
atmospheric carbon dioxide from getting too low
and because a tropical concentration of continental
area may lower atmospheric carbon dioxide by
intensifying the weathering feedback and by
enhancing the efficiency of organic carbon burial.
Efficient organic carbon burial sustained over tens of
millions of years, required by the high carbon
isotopic compositions of preglacial carbonate, may
lead to the buildup of enormous quantities of meth-
ane, presumably in hydrate reservoirs. The release of
this methane may explain the drop in §'°C values
immediately before the glaciation and may provide

a trigger for the onset of a runaway ice-albedo
feedback through the interaction of atmospheric
methane, carbon dioxide, and silicate weathering.

Appendix A: Model for Snowball

Initiation

[44] The model is summarized in Figure 3. It
consists of mass balance expressions for (1) atmos-
pheric methane, (2) combined atmospheric + oce-
anic carbon, and (3) isotope mass balance for
combined atmospheric + oceanic carbon.

A1l. Total Carbon Mass Balance

[4s] The total carbon mass balance expressions are

dM dt = Fy, — Fom, (A1)

d(C+ Cy)/dt = Fe + Fyc + Fyg — Foe — Fog + Fom, (A2)

where
M  mass of methane-C in atmosphere;
C mass of CO,-C in atmosphere;
Cy mass of inorganic-C in the oceans;
F,, input of methane to the atmosphere from
anoxic basin sediments;
oxidation of methane to CO, in the
atmosphere;
F. input of CO, to the atmosphere from
volcanoes, metamorphism and diagenesis;

F,. input of bicarbonate to the oceans from
carbonate weathering on land;
Fys input of CO, to the atmosphere from organic

weathering on land;
Fy. burial of calcium carbonate in oceanic

sediments;
Fye burial of organic carbon in oceanic
sediments;
¢t time.

Several simplifications can be made. The first is

Fwsi:Fbc_ch7 (A3)
where F; is the rate of atmospheric CO, uptake
via weathering of Ca and Mg silicates followed by
precipitation of the Ca and Mg in marine sediments
as carbonates [Berner, 1991].
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[46] If the organic subcycle is balanced we may
also assume

ng = Fbga (A4)

and because of the short residence time of methane
in the atmosphere, the mass of atmospheric
methane reaches steady state rapidly:

Fom = Fan. (A5)
From equations (A2)—(AY),
d(C+ Cy)/dt = F, — Fyg + Fn. (A6)
In terms of atmospheric CO,,
dCJdt = (F, — Fysi + F) — dCy/dt. (A7)

To quantify dC/dt, a simplification to the problem
can be done by assuming, reasonably, that oceanic
and atmospheric carbon are in exchange equili-
brium with one another and that the oceans are
saturated with calcium carbonate. This is done by
using a global equilibrium expression for the
reaction

CaCOj; + CO; + H,0 «» 2HCO; + Ca'*™,
which is [see Berner et al., 1983]
Mc,C/C =K, (A8)

where M, is the mass of calcium in the oceans.

[47] We can assume from the above reaction that
dMc,/dt = 0.5 dC,/dt if we make the first-order
assumption of the approximate equivalence of
carbonate alkalinity and Cy. In this way, dC/dt
and dC,/dt can be related to one another. By
differentiation and substitution we obtain

dCy/dt = [2Mc.K | (AME,Cy + KC)|dC/dt. (A9)

Letting P = [2Mc,K/(4Mc,>C,, + KC)], we obtain
from (A7) and (A9)

dC/dt = (Fe — Fysi + Fu)/(1 + P). (A10)

Now, silicate weathering rate can be assumed to be
a simple function of temperature, which is, in turn,
a function of the CO, and CH, contents of the
atmosphere. From Berner [1991, 1994],

Fusi(T)/Fusi(To) = exp{0.09(T — T,)}, (A11)

where 7 is temperature and subscript o refers to the
initial state.

[48] A simple representation of greenhouse warm-
ing is (modified from Berner [1991, 1994])

T — Ty =T In[(C +XM)/Co + XMo), (A12)
where I, refers to the combined methane plus
CO, greenhouse response and X is the ratio of the

greenhouse response of methane per molecule to
that of CO,.

[40] From GCM results applied to a cold climate,
I'. = 6°C; also, A\ = 25. Combining equations
(A10)—(A12),

dC/dt = {F, — Fysi(T,)exp{0.09[Tmeln((C + M)
/(Co+XM))|} + Fn}/(1 +P). (A3)

For the oxidation of methane to CO, in the
atmosphere a simple first approximation is that of
first-order decay with the rate constant being a
function of the OH and O, level of the atmosphere.
At steady state,

Fop = Foy = kM. (A14)
Or, alternatively (see text),
Fom = Fr = kM. (Al5a)

One can assume that k,, and ¥, vary with time or
hold them constant as a first approximation.

[s0] By numerical integration, for fixed Fi(75),
M,, Co, N\, F, and P, using equations (A13) and
(A14), one can calculate C as a function of time for
different values of F,, and M for a fixed &, or & ,.
For initial conditions the value of P (equation
(A10)) is calculated from current values for C,
C., and Mc, although use of a different ocean
chemistry and atmospheric CO, level (but still
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maintaining equilibrium via equation (A8)) is pos-
sible. In this way, CO, evolution can be calculated
for changes in methane input.

A2. Isotope Mass Balance

[s1] The analogous expression for atmosphere plus
ocean isotope mass balance is

d(R,C + RyCy)/dt = R F + RgFg + ReFue + RuFm
—RocFoe — RogFog, (A15b)

where
R '3C/'2C ratio

R, R for atmospheric CO,

R,, R for oceanic carbon

R, R for volcanic input

R, R for organic matter undergoing weathering
R. R for CaCO5; weathering

R, R for methane input

Ry R for marine carbonate burial (assumed
equal to the value for seawater R,,)

Rypg R for marine organic carbon burial

Again, because Fy. = F; + Fy, and assuming that

Fyg = Fyg, €quation (Al5a, A15b) simplifies to

d(R,C + Ry Cy)/dt = RyF. + (Re — Ruc)Fye
+(Rg - Rbg)ng + Rnf'm

—RycFin — RocFuwsi- (A16)

Introducing %o terminology, equation (A16) can
be rewritten as

Cd(d,)/dt + (8,)dC/dt + Cyd(by) /6t + (8y)dCy /dt
= VFC + (60 - 6bc)F‘c + (6g - 6bg)ng + 6mF‘m - 6wasi~

(A17)

A great simplifying assumption is that of isotopic
equilibrium between the atmosphere and the ocean,
such that

By = by — 7 (A18)

and

d(8,)dt = d(8,)/dt. (A19)
Also, the oy, value for organic matter being buried
can be represented by a constant frationation with
respect to the d value for seawater [e.g., see Garrels

and Lerman, 1984]:

Bpg = by — 25. (A20)
With these assumptions and substituting equations
(A3), (A9), and (A10) for Fy., dCy/dt, and dC/dt,

we obtain the final expression:

(Cw + O)d(by) /0t = (8Fc + (&g — O 4 25)Fyg + OmFm
+ (bc - 6w)ch - 6wasi - [(6w - 7)
/(1 +P)](F07Fwsi+Fm)
7[6WP/(1 +P)KFC 7Fwsi +Fm)~ (AZI)

From equation (A21) the value of 6w, the carbon
isotopic composition of seawater, is obtained by
numerical integration. For this purpose the follow-
ing values (in 10" mol myr ' or %o) were used:
F.=6; Fy. = 13exp{0.09 [, In((C + X\M)/(Co +
AMO))}}; Fyg =5, 8, = —6, 8. = 5.4 (representing
the weathering of just previously deposited iso-
topically heavy carbonates and providing isotopic
mass balance prior to perturbation by methane
release); 6, = —25; 0, = —70; P=26.67 at start based
on C =0.05, Cy, = 2.8, Mc, = 14, and K = 2195.2
(values for the present atmosphere and ocean).
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